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Abstract
The results of petrophysical laboratory measurements and inverse model-
ling were utilized to estimate the 2-D, steady-state conductive thermal
regime in the Eastern Alpine crust and heat flow at the Moho along the
TRANSALP profile. Temperature dependence of thermal conductivity λ
and specific heat capacity cp as well as of heat production rate and density
were measured on a set of magmatic, metamorphic and sedimentary rocks,
representing different depth levels of the Eastern Alpine crust. The results
show that in the temperature range from 25 – 300 ◦C thermal diffusivity κ
relates linearly to thermal conductivity λ. Based on the approach that
thermal resistivity 1/λ is a linear function of temperature whose slope
increases with λ(0), the thermal conductivity at a temperature of 0 ◦C,
two general equations for the temperature dependence of λ for Eastern
Alpine rocks were formulated. The inversion studies show that while the
large a priori standard deviation of particularly the heat production rate
in the upper crust can be significantly reduced a posteriori, the variance of
the middle crust heat production rate remains comparatively large. Using
two extreme models with maximum and minimum heat production rates
in the middle crust the range of Moho temperatures and heat flow can be
estimated. Depending on different assumptions about the composition of
the middle crust we obtain maximum temperatures of around 900 ◦C ±
30% in the lowermost parts of the European crust. In the Alpine root and
in the Southern Alps, maximum temperatures are 700 – 800 ◦C ± 10% and
600 ◦C ± 10%, respectively. Moho heat flow varies from 5 – 25 mW m−2
and is largest underneath the European plate and lowest underneath the
Alpine root. The effect of paleoclimate and exhumation was estimated,
performing 1-D transient forward simulation and an analytical approach.
The main paleoclimatic signal of −6.5 K was detected in a depth of 2 km.
As exhumation leads to an elevation of temperature that increases with
depth, the resulting transient signal in the uppermost 2 km amounts to
zero. The utilized ”worst case scenario” leads to a maximum exhumation
signal of around 80 K at a depth of 50 km.
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Chapter 1
Introduction
Information on the thermal regime of the eastern Alpine crust is sparse.
De facto no reliable heat flow map exists for the Eastern Alps. Besides
to temperature- and heat flow data gained from boreholes in the Northern
Molasse Basin and in the Po Basin only sparse direct measurements were
carried out in tunnels (Clark, 1961; Haenel and Zoth, 1973; Haenel, 1974;
Haenel and Zoth, 1975; Haenel and Zoth, 1978) and Alpine lakes (Haenel
and Zoth, 1982). The first can be affected by cooling surficial water or pen-
etrating air and the latter are often not characteristic for the particular re-
gion, varying in a wide range because of nonconstant lake-soil temperatures
(Finkh, 1981). Recent transient 2-D finite difference forward simulations
using carefully selected heat flow information were carried out by Willing-
shofer et al. (1999) and Sachsenhofer (2001) in order to give an estimation
on thermo-mechanical consequences of the Cretaceous continent-continent
collision with respective to the heat flow history of the Eastern Alps.
To improve this situation, a project was established in order to (1) ob-
tain a complete data set of the petrophysical properties of the main rocks
of the Eastern Alpine crust and (2) carry out forward and inverse mod-
elling of 2-D, steady-state conductive heat transport. This yields profiles of
Moho temperature and heat flow in the Eastern Alps with corresponding
uncertainties. The project is part of the TRANSALP campaign, a Euro-
pean multidisciplinary research program which has the aim to investigate
the Eastern Alpine orogenic processes (TRANSALP working group, 2002).
The problem of a lack of rock-samples from deep boreholes was solved by
sampling representative outcrops of rocks from nearly all depth levels of the
Eastern Alpine crust provided by the complex Alpine tectonics. On a suite
of newly gained rock samples from 26 different substantial rock units of the
Eastern Alps, laboratory measurements of heat production rate, thermal
conductivity, specific heat capacity, density, and porosity were performed.
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These values were used as a priori input for numerical finite element (FE)
simulations. Additionally, rock physical laboratory measurements were
carried out on 33 and 16 rock samples to determine temperature depen-
dence of thermal conductivity λ(T ) and specific heat capacity cp(T ), re-
spectively. As the study is of crustal scale and therefore involves high
temperatures, the results of these measurements permit to estimate the
error in applying different general equations for the temperature depen-
dence of thermal conductivity to simulate the thermal regime of the East-
ern Alps. They further can be used to perform transient calculations in
order to estimate the effect of paleoclimate and exhumation. Concerning
the temperature dependence of thermal conductivity, a coupled effect of
mineralogical composition and temperature can be assumed whenever the
thermal resistivity (1/λ) is a linear function of temperature whose slope
increases with λ(0), the conductivity at a temperature of 0 ◦C. A general
equation for λ(T ) which is based on the coupled effect of composition and
temperature on the thermal conductivity has already been set up by Sass
et al. (1992). In order to determine this relation for crystalline rocks Sass
et al. used thermal conductivity data from six different granites measured
by Birch and Clark (1940) up to a maximum temperature of 200 ◦C. The
equation was further successfully verified for an independent data set of dif-
ferent magmatic and metamorphic rocks from the Valles Caldera (Sibbitt
et al., 1979) for temperatures ranging from 25 – 250 ◦C. However, above a
certain temperature, this equation yields large deviations from the data.
This results from the instating radiation of heat, which already becomes im-
portant for single crystals at temperatures of approximately 200 ◦C and for
polycrystals at approximately 600 ◦C (Clauser 1988b; Clauser and Huenges
1995). Concerning λ(T ) the aim of this study was to (a) check the adapt-
ability of the existing coefficients of Sass et al. (1992) for the newly gained
rock-samples and (b) determine new coefficients to extend the temperature
range for the equation of Sass et al. (1992) for both crystalline and sedi-
mentary rocks of the Eastern Alps. Different approaches to calculate λ(T )
were developed by Chapman (1986), Zoth and Haenel (1988) and Seipold
(1998, 2001) and will be discussed in detail. Pribnow et al. (2000) stud-
ied λ(T ) for water saturated marine sedimentary rocks for temperatures
from 0 – 60 ◦C. They discovered that – in this temperature interval for
marine sedimentary rocks with a low thermal conductivity at ambient con-
ditions (λrt) – thermal conductivity increases with temperature. It remains
constant with increasing temperature for rock-samples with intermediate
values of λrt and shows decreasing values for rock-samples with high λrt.
3The reason for this behaviour is a positive temperature coefficient for sea-
water (λ increases with T ) and a negative coefficient for the rock matrix (λ
decreases with T ). As in this study the temperature dependence of ther-
mal conductivity was determined for dry rock-samples only, and at much
higher temperatures, the results are not comparable to those of Pribnow
et al. (2000) but can most probably complement their study due to the
broader temperature range.
Thermal diffusivity κ is the ratio of thermal conductivity λ and thermal
capacity % cP . Thus the new and comprehensive data set from the Eastern
Alps establishes the opportunity to accomplish a discussion on thermal
diffusivity versus temperature and versus thermal conductivity, exemplary
for different rocks of the Eastern Alps as well.
Chapter 2
Geological setting
In brief summary, the Alpine orogeny started with a crustal shortening in
the Lower Cretaceous, lasting up to the end of the Tertiary in some regions,
which created the current Alpine nappe structure. In the Eastern Alps the
main orogenic event occurred in the Cretaceous, in the Western Alps some-
what later at the beginning of the Tertiary. During and after deformation,
isostatic compensation resulted in uplift and subsequent erosion. In the
Upper Triassic, the break-up of the Pangea super-continent began, which
had been accumulated in the Paleozoic by the amalgamation of the conti-
nents Laurasia, Sibiria, and Gondwana, and several terranes. The newly
formed Penninic ocean separated the Laurasian- and Adriatic plate. Dur-
ing the approach of the Adriatic plate towards Europe in the Lower to
Middle Cretaceous, the Penninic ocean was completely subducted south-
wards. The subsequent collision of the Adriatic and Penninic plates led to
an overthrust of Austro-Alpine nappes of Adriatic provenance onto Euro-
pean units. Thus, most parts of the central Eastern Alps are covered by
Austro-Alpine basement nappes, while the Northern Calcareous Alps are
formed by large, detached units of Austro-Alpine limestones and dolomites
(Fig. 2.1). In the central part, the large anti-form of the Tauern window
(30 km × 150 km) exposes all three main tectonic units: Austro-Alpine
basement nappes, Penninic oceanic nappes, and European basement and
cover (Lammerer and Weger, 1998). Therefore, thermal properties can be
obtained today for rocks from nearly all depth levels of the Eastern Alpine
crust by a combination of a suitable rock sampling strategy at the Earth’s
surface and by laboratory measurements on rock specimens of thermal con-
ductivity, specific heat capacity, radiogenic heat production rate, density,
and porosity. This data can then be used as a priori information for forward
and inverse thermal models.
4
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Figure 2.1: Geological map of the Eastern Alps (after Lammerer and Weger, 1998).
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2.1 Sampling strategy
All those rock units were sampled which have an estimated minimum thick-
ness of one kilometer in the used cross section along the TRANSALP pro-
file of Lammerer (personal communication, 1998). From geological maps of
the study area, the major lithologies were determined (Tab. 2.1) and suit-
able sampling locations (Fig. 2.2) were chosen. Where no outcrops were
available along the profile, or if these were of bad quality due to weather-
ing condition or tectonic stress, alternative but representative, off-profile
sampling locations were selected (Fig. 2.2). At each location, 3 – 7 rock
samples were obtained at different places within each sampling location,
in order to account for the natural variability in composition and thermal
properties. Some rock units, such as the Hauptdolomit (dolomia princi-
pale) and quartz-phyllite, which crop out at several locations along the
TRANSALP profile, were sampled repeatedly because of possible
petrographical variations (Tab. 2.1). Following the sampling campaign all
rock samples were analyzed using thin section microscopy (see appendix
A) and X-ray fluorescence (see Tab. B.1 – B.5 in appendix B). Combining
both methods it was possible to analyze the internal structure, mineral
assemblages, weathering effects and educts of the rocks and to classify
the rocks according to their petrographical description. Both procedures
showed that all samples are not at all or only negligibly alterated. Thus
they can be regarded as representative for the sampled rock units.
Table 2.1: Rock types and associated geological units. Abbreviations: E. p. = European
plate; A. p. = Adriatic plate.
Loc. longitude latitude
No east north
Petrography of sample Geological unit
sandy-clayey limestone Molasse (sediment
1 10.98900 47.66216
(”Rupelton”) cover E. p.)
Molasse (sediment
2 11.06667 47.65116 limy sandstone
cover E. p.)
fine grained dolomite Northern calcareous
3 11.71533 47.47386
(”main-dolomite”) Alps (cover A. p.)
dolomitic limestone Northern calcareous
4 11.77600 47.41171
(”Wetterstein limestone”) Alps (cover A. p.)
muscovite-chlorite-schist
5 11.87833 47.40450
(”Wildscho¨nauer Schist”)
basement A. p.
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Loc. longitude latitude
No east north
Petrography of sample Geological unit
muscovite-chlorite-
6 11.88800 47.29797
carbonate-quartz-phyllite
basement A. p.
impure limestone Tauern Window
7 11.82230 47.15450
(”Hochstegen-marble”) (basement E. p.)
microcline-plagioclase-
8 11.81400 47.12928 quartz-biotite-muscovite-
Tauern Window
ortho-gneiss
(basement E. p.)
garnet-bearing Tauern Window
9 11.75067 47.06193
ortho-amphibolite (basement E. p.)
garnet-biotite- Tauern Window
10 11.64266 46.99775
(ortho?)-amphibolite (basement E. p.)
muscovite-biotite-garnet- Tauern Window
11 11.65000 46.99595
epidote-ortho-gneiss (basement E. p.)
garnet-biotite-muscovite- Tauern Window
12 11.65400 46.97945
graphite-chlorite-schist (basement E. p.)
muscovite-biotite-garnet-
13 11.78133 46.95000 plagioclase-potassium-
Tauern Window
feldspar-ortho-gneiss
(basement E. p.)
biotite-muscovite-
14 11.93980 46.93055
potassium-feldspar-schist
basement A. p.
biotite-muscovite- oceanic plate-
15 11.62466 46.87026
tourmaline-calcite-schist fragment
garnet-amphibole-
16 11.62333 46.86666
biotite-para-gneiss
basement A. p.
17 11.62200 46.86351 garnet-ortho-amphibolite basement A. p.
garnet-biotite-potassium-
18 11.62066 46.85540 feldspar-plagioclase- basement A. p.
(para?)-gneiss
Monzogranite/granodiorite
19 11.65666 46.80225
(”Brixen granite”)
basement A. p.
garnet-biotite-
20 11.885933 46.70707
sericite-phyllite
basement A. p.
very pure dolomite Dolomites
21 11.819166 46.37250
(”Schlern-dolomite”) (coverage A. p.)
biotite-dacite Dolomites
22 11.775716 46.33166
(”quartz-porphyry”) (coverage A. p.)
23 11.606133 46.33058 quartz-monzonite basement A. p.
red potassium-
24 11.617066 46.31205
feldspar-granite
basement A. p.
biogene dolomite Dolomites
25 12.12965 46.21080
(”main dolomite”) (coverage A. p.)
granodiorite
26 11.50766 46.08866
(”Cima d’Asta granite”)
basement A. p.
8 Chapter 2. Geological setting
Figure 2.2: TRANSALP Profile (dotted line) and sampling locations 1 – 26 (from north
to south).
Chapter 3
Rock physics
3.1 Density and porosity
Both rock density and bulk density were determined on all rock samples.
Rock density %r is defined as the ratio of the dry mass M of a rock and the
pure rock volume Vr excluding the volume of any cavities. By contrast,
dry bulk density %b is defined as the ratio of the dry rock mass M and
the bulk rock volume Vb including the volume of all cavities in the rock.
The rock volume was determined with a gas displacement pycnometer.
This instrument measures the volume of solid objects of irregular shape,
whether powdered or coherent.
The gas displacement pycnometer consists of a calibrated and helium-filled
sample chamber and an expansion chamber, both connected by a valve.
The chamber containing the sample is then filled with helium up to a high
pressure. When the closed valve is opened, the pressure will drop to an
intermediate value. The rock volume of the sample is then determined
by measuring the change in pressure and temperature of the calibrated
volume of both chambers, using the mass balance equation. The device
then uses the rock volume and the weight of the sample to calculate the
rock density. To calculate the bulk density of a rock sample, a quantity of
a free-flowing dry medium (e.g. ”DryFlo”∗) is placed in a sample chamber
and its volume is measured. A rock sample is then placed in the chamber
with the medium, and the volume is measured again. Because the free-
flowing dry medium does not enter the rock´s pores, the difference between
the two measurements is the displacement volume of the sample including
its pores. The envelope volume and the weight of the rock sample are then
used to calculate its ”envelope” or bulk density.
Rock density varies from 2620 – 2990 kg m−3 with lowest values for red
∗TM Micrometrics Instrument Corporation, Erftstr. 54, D-41238 Mo¨nchengladbach
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potassium-feldspar-granite of location 24 and highest values for garnet-
ortho-amphibolite of location 17 (see Tab. 2.1). Bulk density shows usually
lower to equal values compared to rock density depending on porosity, and
varies from 2540 – 2950 kg m−3 for the sampled rocks with highest and
lowest values for rocks from the same locations as before (Fig. 3.1). Rock
porosity Φ can be determined from rock and dry bulk density according
to:
Φ =
%r − %b
%r
= (
M
Vr
− M
Vb
) /
M
Vr
=
Vb − Vr
Vb
. (3.1)
Porosity varies for the studied sedimentary rock samples from 0.9 % (loca-
tion 4, dolomitic limestone; location 7, impure limestone) to 5.7 % (loca-
tion 1, sandy-clayey limestone) (Fig. 3.1). For magmatic and metamorphic
rocks, porosity ranges from 1.0 % (location 6, muscovite-chlorite-carbonate-
quartz-phyllite) to 4.7 % (location 22, biotite-dacite) (Fig. 3.1; Tab. 2.1).
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Figure 3.1: Mean values (symbols) and min–max variation (vertical bars) of laboratory
measurements of porosity (open circles), rock density (open triangles) and bulk density
(squares) for each sampling location.
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3.2 Radiogenic heat production rate
Radioactive heat production rate is an isotropic petrophysical property
independent of in situ temperature and pressure. All natural radioactive
isotopes generate heat to a certain extent. A significant contribution to
the heat production rate of rocks is given only by the decay series of 238U,
235U, 232Th, and the isotope 40K (Rybach, 1988). The radioactive heat
production rate in a given rock sample can be calculated using an equation
set up by Rybach (1976, 1988):
H = 10−3 %r (9.52 cU + 2.56 cTh + 3.48 cK), (3.2)
usually given in µW m−3, where %r is rock density (in kg m−3), and cU , cTh,
and cK are the concentrations of Uranium (in ppm), Thorium (in ppm)
and Potassium (in %), respectively.
A sensitive γ-ray spectrometer was used to determine the radiation in-
tensity (uranium, thorium, and potassium contents) of the rock samples.
The device consists of a sodium iodide crystal [NaI(TI)] detector, coupled
to a photo-multiplier tube and a multi-channel pulse-height analyser for
collecting and storing the energy spectra. The sodium iodide crystal had
to be shielded against background radiation with lead. Specific device ar-
rangements and a comparison with other analytical techniques is described
in detail by Rybach (1988).
Radiogenic heat production rate varies from 0.1 – 5.9 µW m−3 (Fig. 3.2)
with lowest values for limestones (location 4; location 7) and highest values
for highly differentiated magmatic rocks or ortho-geneisses such as red
potassium-feldspar-granite (location 24) or microcline-plagioclase-quartz-
biotite-muscovite-ortho-gneiss (location 8). Remarkably large heat pro-
duction rates of 2 µW m−3 were determined for biogenic dolomite (”main
dolomite”) from the Dolomite mountains (location 25). They are due to
elevated uranium contents because of bitumen in the dolomite (see petro-
graphical description of sampled rocks in appendix A; Tab. B.5 in appendix
B).
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Figure 3.2: Mean values (symbols) and min–max variation (vertical bars) of laboratory
measurements of radiogenic heat production rate for each sampling location.
3.3 Temperature dependence of specific heat capacity
Specific heat capacity is a scalar value and an isotropic physical prop-
erty; it increases with temperature for solid rock material. Specific heat
capacity cP at constant pressure was determined as a function of tempera-
ture up to 300 ◦C using a Heat Flux Differential Scanning Calorimeter
(Heat Flux DSC). The apparatus consists of a block-type cylindrical fur-
nace with two cylindrical cavities (Hemminger and Camenga, 1989; Ho¨hne
et al., 1996), holding the sample and reference containers, which are con-
nected to the furnace with several thermocouples (thermopile). These con-
tainers (measuring systems) are thermally decoupled (Calvet, 1948) with a
programmable temperature controller. The characteristic feature of the de-
vice is the symmetrical (twin-type) design and the system measuring only
the difference in temperature between the two containers (Hemminger and
Camenga, 1989; Ho¨hne et al., 1996). When the furnace is heated, generally
linearly in time, heat flows between the furnace and the sample container
including a sample, as well as between the furnace and the empty reference
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container. The heat flow rates are proportional to the measured temper-
atures at the thermopiles. The differential signal, a small change in the
heat flow rate, is affected by the change of the specific heat capacity of rock
samples. The decisive advantage of the differential principle is that distur-
bances, such as temperature variations in the environment of the measur-
ing system, affect the two measuring systems equally and are compensated
when the difference between the individual signals is formed (Ho¨hne et al.
1996). Hemminger and Camenga (1989) and Ho¨hne et al. (1996) provide a
detailed description of the used Heat Flux DSC instrument, a comparison
to other devices, and the theory of DSC systems.
Fig. 3.3 shows the mean values of these measurements for magmatic (lo-
cations 9, 19, 22, 23; see Tab. 2.1), metamorphic (locations 6, 10, 11, 12,
14, 16, 17), and sedimentary (locations 1, 2, 4, 5, 21) rocks. Specific heat
capacity measured at ambient conditions ranges from 740 – 850 J kg−1 K−1
with the highest values for sedimentary rocks. It increases with tempera-
ture to maximum values of around 1050 J kg−1 K−1 (Fig. 3.3).
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Figure 3.3: Mean values (symbols) and min–max variation (vertical bars) of specific heat
capacity cp at constant pressure as a function of temperature for magmatic, metamorphic,
and sedimentary rocks.
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3.4 Temperature dependence of thermal capacity
Thermal capacity is the product of rock density %r and specific heat ca-
pacity cP . The thermal cubic expansion coefficient α is 6 × 10−6 K−1 for
granitic rocks (Weast, 1988). This leads to a decrease of density of 0.18 %
in the temperature range of 0 – 300 ◦C. Density was therefore regarded
as constant in this study. The specific heat capacity cP and the thermal
capacity (% cp) as a function of temperature (Fig. 3.3; Fig. 3.4) differ by
a constant factor only – the rock density %r – which depends solely on the
sample (rock composition). Thermal capacity increases with temperature
from around 2×106 J m−3 K−1 at ambient temperature to maximum values
of 3× 106 J m−3 K−1 (Fig. 3.4).
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Figure 3.4: Mean values and min–max variation of thermal capacity (% cP ) as a function
of temperature for magmatic, metamorphic, and sedimentary rocks.
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3.5 Thermal conductivity at ambient conditions
Thermal conductivity was measured at an ambient temperature of ap-
proximately 25 ◦C on all rock samples (water saturated and dry) with a
half-space line source (Pribnow, 1994; Popov et al., 1999). This method
was chosen primarily because of its easy use and simple sample prepara-
tion. The half-space line source is based on the theory of a line source in
an infinite medium (Carslaw and Jaeger, 1959, section 10.4). In practice, it
consists of a needle probe embedded in and flush with the surface of a ma-
terial of very low thermal conductivity (Honarmand, 1993). Data analysis
is described in detail by Huenges et al. (1990). The needle probe is a cylin-
der of 2 mm in diameter and 70 mm in length. A thermistor at the centre
of the needle probe records the probe temperature. According to Carslaw
and Jaeger (1959), the probe with these dimensions can be approximated
as an infinite line source. The needle probe is embedded in a cylindrical
block of transparent plastic such as ”Plexiglass” or ”Perspex”. The heat
propagates into the sample to a depth of approximately 6 – 12 mm (Honar-
mand, 1993) depending on the thermal conductivity of the material. This
was taken into account when selecting and preparing the samples.
Needle probe measurements return a scalar value of thermal conductivity
from a plane perpendicular to the needle probe axis. For anisotropic mate-
rial it is theoretically possible to obtain the principal values of the thermal
conductivity tensor. Theory, practical experiences and uncertainty of such
measurements are discussed in detail in Grubbe et al. (1983) and Popov
at al. (1999). Thermal conductivity is isotropic for many volcanic and
plutonic rocks (Clauser, 1988b; Clauser and Huenges, 1995). In contrast
to this, thermal conductivity of some sedimentary and many metamorphic
rocks is strongly anisotropic.
To take into account the effects of porosity, thermal conductivity was mea-
sured on water-saturated and dry rock samples. Generally it can be as-
sumed that measurements of the wet rock sample yield more realistic re-
sults, since the pore volume in situ is usually water-saturated. All rock
samples were cut to obtain two surfaces (1) parallel to the plane of bedding
or schistosity and (2) perpendicular to the plane of bedding or schistosity.
After that the half-space line source was rotated on both surfaces to deter-
mine anisotropy as described by Pribnow (1994). Measurements on surface
No 1 were performed both parallel and normal to the optical axis of elon-
gated minerals. On surface No 2 thermal conductivity was determined
both parallel and normal to the plane of bedding or schistosity of the rock.
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Whenever no bedding or schistosity was visible (e.g. in very homogeneous
sedimentary rocks or plutonic rocks), two surfaces in orthogonal directions
were cut. For Eastern Alpine rocks the maximum values of thermal con-
ductivity were recorded parallel to either the optical axis of a mineral or
bedding, foliation or schistosity. Accordingly, measurements normal to the
optical axis of a mineral or bedding, foliation or schistosity yield minimum
values of thermal conductivity (Fig. 3.5). Thus, based on the measure-
ments on two differently prepared samples of one rock, we can discriminate
between (1) mineral-anisotropy depending on the arrangement of mineral
particles (lineation) in the rock sample and (2) shape-anisotropy, occurring
parallel and perpendicular to the plane of bedding, foliation or schistosity
of a rock volume. Mineral-anisotropy is due to an equal growth orientation
of minerals in the rock (e.g. elongated and orientated amphiboles). Shape-
anisotropy is due to a change of material (e.g. alternating quartz- and
feldspar- or mica-layers) inside a sedimentary or metamorphic rock. The
anisotropy factor (af) is defined by the ratio of parallel and normal com-
ponents λpar, λnorm of thermal conductivity (Cermak and Rybach, 1982)
by:
afmineral =
λpar(lineation)
λnorm(lineation)
; afshape =
λpar(foliation)
λnorm(foliation)
. (3.3)
The min–max variation of values, average values and anisotropy factors of
thermal conductivity was determined and calculated for the case of both
lineation and foliation (Fig. 3.5). In absence of visible layering or foliation
the anisotropy factor of thermal conductivity was calculated as the ratio
of the higher and lower average value of thermal conductivity. A sample is
isotropic when it has an anisotropy factor of 1. Anisotropy factors lower
than 0.9 or higher than 1.1 indicate a bedding, foliation or lineation with
a significant effect on thermal conductivity.
The largest anisotropy factor of approximately 1.6 (Fig. 3.5) was found for
the garnet-biotite-muscovite-graphite-chlorite-schist from the Tauern Win-
dow (location 12). In particular, effusive and intrusive magmatic rocks of
the Adriatic basement (locations 22, 23, 24, 26) in contrast, show nearly
isotropic thermal conductivity properties.
The highest thermal conductivity values of around 6 W m−1 K−1 were found
in dolomites from the locations 3 and 21 (see Tab. 2.1). These high ther-
mal conductivity values for dolomites from the Eastern Alps agree well with
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Figure 3.5: Min–max variation of laboratory measurements of thermal conductivity
(vertical bars), mean values (symbols) and anisotropy factors (squares) of the 25 suits
of water saturated rock at ambient conditions (25 ◦C): plane of measurement (a) parallel
and normal to lineation; (b) parallel and normal to bedding, foliation or schistosity of the
rock.
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literature data (see also Clauser and Huenges, 1995). Large anisotropy of
thermal conductivity of rocks with visible foliation (metamorphic rocks)
can probably be interpreted as an alternation of high and low-conductivity
layers (e.g. quartz and feldspar or mica) or a high content of oriented
minerals with strong anisotropy (e.g. mica).
3.6 Temperature dependence of thermal conductivity
The thermal conductivity of rocks in general decreases with temperature,
in contrast to some amorphous or fused materials such as glass or obsidian.
This, however, will not be discussed in this study.
The temperature dependence of thermal conductivity was determined up
to 500 ◦C using a divided bar device. At elevated temperatures this tech-
nique becomes increasingly demanding requiring particular attention to a
number of technical details. Sample preparation can be difficult and prob-
lems were indeed encountered with a couple of samples. Therefore, these
measurements were performed only on a selected sub-set of 15 rock sam-
ples, representing the main rock units. There are two major differences
between measurements with a needle probe and the divided bar (Pribnow
et al., 2000, appendix): (1) the needle probe method is transient while
the divided-bar method is steady-state; (2) the divided-bar measurements
yield thermal conductivity in the direction parallel to the divided-bar axis,
whereas the needle probe method yields thermal conductivity in a plane
perpendicular to the needle probe axis. The divided-bar (Beck, 1988) is
a steady-state comparative method to determine thermal conductivity of
solid rock samples or water saturated rock chips contained in a cylindrical
cell (Sass et al., 1971). The latter technique is only practicable at low tem-
peratures (0 – 60 ◦C) (Pribnow et al., 2000, appendix). The basic concept
of this method is to compare the unknown thermal conductivity of a rock
sample to the known thermal conductivity of reference material. In the
apparatus used, the sample and reference materials are shaped into discs
with a diameter of 50 mm and approximately the same thickness (10 mm).
The reference material is pyroceram 9607∗ with a thermal conductivity of
4.01 W m−1 K−1 at ambient conditions, comparable to that of rock samples.
The heat flows parallel to the divided-bar axis (stack) from a heater A (high
temperature level) to a second heater B (low temperature level) through
two reference disks and the sandwiched rock sample.
∗TM Holometrix, 25 Wiggins Avenue, Bedford, MA.
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Figure 3.6: Min–max variation of thermal conductivity λ with temperature for (a) mag-
matic and metamorphic rocks and (b) sedimentary rocks. Measuring range was 0 – 500 ◦C
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Radial heat flow is minimized by guard heaters and thermal insulation. A
thermal compound is used to reduce the contact resistances between the
reference and the rock samples. The temperature drop across the rock
sample is compared to that across the reference sample of known ther-
mal conductivity. Assuming the heat flow through the system (stack) to
be constant, the unknown thermal conductivity of the rock sample can
be calculated (Beck, 1988). Due to the increased inter-granular contact
resistance within the dry rock samples, thermal conductivity at ambient
conditions is usually lower for these measurements than for the half-space
line source on the water-saturated rocks. The data show the coupled effect
of mineralogical composition and temperature (Fig. 3.6). For rocks with a
high thermal conductivity at ambient conditions (λrt), thermal conductiv-
ity decreases more rapidly with temperature than for rocks with a low λrt.
As the effect of anisotropy decreases with temperature (Seipold, 2001), it
was neglected in these measurements.
3.7 Temperature dependence of thermal diffusivity
The thermal diffusivity κ describes the equilibration of a temperature im-
balance. It is a function of thermal conductivity λ, rock density %r and the
specific heat capacity cP at a constant pressure (Beck 1988):
κ =
λ
%r cp
. (3.4)
Rock density %r has to be applied instead of bulk density %b because λ(T )
was determined at the dry rock sample. Fig. 3.7 shows the values of
thermal diffusivity in the temperature range of 1 – 300 ◦C. While ther-
mal conductivity decreases with temperature (Fig. 3.6a, b), specific heat
capacity increases with temperature (Fig. 3.3).
Since in equation 3.4 thermal conductivity is in the numerator and specific
heat capacity in the denominator, thermal diffusivity decreases stronger
with temperature than thermal conductivity (Fig. 3.7): Thermal conduc-
tivity decreases between 25 – 44 % in the temperature interval 1 – 300 ◦C,
thermal diffusivity, however, by 42 – 54 %.
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3.8 Developing a general equation for λ(T )
In the following, an approach similar that of Sass et al. (1992) is used
to obtain values for thermal conductivity as a function of temperature for
different crystalline rocks from the Eastern Alps. Based on the results for
metamorphic rocks (gneisses, amphibolites and phyllites: locations 6, 10,
11, 14, 16, 17) and magmatic rocks (locations 9, 19, 22, 23) the normalized
thermal resistivity λ(0)/λ(T ) is plotted versus temperature (Fig. 3.8a).
Linear regression:
λ(0)
λ(T )
= a + (b− c
λ(0)
) T (3.5)
yields slopes b− c/λ(0) and intercepts a for all rocks studied. The average
intercept a¯ of 0.99 yields an error of ± 1%. From linear regression of the
slope versus thermal resistivity 1/λ(0) we then obtain the coefficients for
crystalline rock samples (Fig. 3.8b).
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Figure 3.8: Linear regressions (equation 3.5) of thermal resistivity 1/λ(T ) for different
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Above 500 – 600 ◦C, thermal resistivity does no longer vary linearly with
temperature because of the increasing importance of heat radiation (Clauser
and Huenges, 1995). Therefore, the temperature dependence of thermal
conductivity was studied for crystalline rocks in the temperature range of
0 – 500 ◦C. For magmatic and metamorphic rocks where λ(0) varies from
1.4 – 3.5 W m−1 K−1 this yields:
λ(T ) =
λ(0)
a¯ + T (b− c/λ(0)), (3.6)
with empirical constants and corresponding uncertainties a¯[-]= 0.99± 1%,
b[K−1]= 0.0030 ± 0.0015 and c[W m−1 K−2]= 0.0042 ± 0.0006.
For T = 25 ◦C equation 3.6 yields:
λ(0) = 0.53λ(25) +
1
2
√
1.13(λ(25))2 − 0.42λ(25). (3.7)
The TRANSALP data set (locations 1, 2, 4, 5, 21) and supplementary data
from measurements of 23 limestones, dolomites and sandstones from the
Molasse Basin (Clauser et al., 2002) were used to determine coefficients for
a general equation for λ(T ) for sedimentary rocks as well. A first metamor-
phosis of sedimentary rocks occurs at temperatures of around 300 – 350 ◦C
(matching a depth level of 10 – 12 km). Thus an equation was established
for temperatures from 0 – 300 ◦C. The equation for λ(T ) of sedimentary
rocks was determined in the same way as above and for λ(0) ranging from
2.1 – 4.1 W m−1 K−1 can be formulated as:
λ(T ) =
λ(0)
a¯ + T (b− c/λ(0)), (3.8)
with a¯[-]= 0.99± 1%, b[K−1]= 0.0034 ± 0.0006 and c[W m−1 K−2]= 0.0039
± 0.0014. For T = 25 ◦C equation 3.8 yields:
λ(0) = 0.54λ(25) +
1
2
√
1.16(λ(25))2 − 0.39λ(25). (3.9)
The coefficients of Sass et al. (1992) for different crystalline rocks from the
TRANSALP data set yield good results for temperatures up to 300 ◦C but
show systematic differences for higher temperatures (Fig. 3.9a).
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Figure 3.9: Deviation ∆λ = λ(measured) − λ(calculated) vs. temperature for different
crystalline and sedimentary rocks. Open diamonds: calculated using the coefficients of
Sass et al. (1992); black crosses calculated using the coefficients of this study (shading):
(a) crystalline rocks; (b) sedimentary rocks.
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Applying equation 3.6 to the TRANSALP data set shows a maximum
error of ± 15% for the temperature range 300 – 500 ◦C. For different sedi-
mentary rocks thermal conductivity calculated with the coefficients of Sass
et al. (1992) differs from data by approximately 10 % for temperatures
below 80 ◦C (Fig. 3.9b).
For higher temperatures, the deviation between calculated and measured
values increases systematically. Therefore the coefficients for crystalline
rocks of Sass et al. (1992) should not be used for sedimentary rocks above
80 ◦C. The coefficients of this study (equation 3.8) yield a better approxi-
mation with a maximum error of +8/−34 % in the temperature range
150 – 300 ◦C (Fig. 3.9b).
3.9 Comparison with other expressions for λ(T )
Chapman (1986) published a general expression, which considers both the
temperature as well as the depth (pressure) dependence of thermal con-
ductivity:
λ(T, z) =
λ(0)(1 + cz)
1 + bT
, (3.10)
where T is temperature in ◦C, b is a temperature coefficient depending
on the depth level z of the crust and c is a pressure coefficient that is
considered to be constant within the total crust. λ(0) is the thermal con-
ductivity measured at 0 ◦C and a pressure of one atmosphere. Due to the
combination of both temperature and pressure dependence of thermal con-
ductivity, the results can not be directly compared with those of equation
3.6. A more frequently used general empirical equation for the temperature
dependence of thermal conductivity was set up by Zoth and Haenel (1988).
They postulated the temperature dependence of thermal conductivity λ(T )
as:
λ(T ) =
A
350 + T
+ B, (3.11)
where A and B are coefficients which depend on rock type (λ in W m−1 K−1,
T in ◦C). Based on measurement on different rock types in the range
0 – 800 ◦C they calibrated empirical equations for metamorphic rocks (e.g.
amphibolite, phyllite):
λ(T ) =
705
350 + T
+ 0.75; (3.12)
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for acid rocks (e.g. granite, granodiorite, quartz, porphyry):
λ(T ) =
807
350 + T
+ 0.64; (3.13)
for basic rocks (basalt, gabbro):
λ(T ) =
474
350 + T
+ 1.18; (3.14)
for ultrabasic rocks (dunite, olivenite, peridotite):
λ(T ) =
1293
350 + T
+ 0.73. (3.15)
They also postulated a general equation for limestone that takes the form:
λ(T ) =
1073
350 + T
+ 0.13. (3.16)
The temperature dependence of thermal conductivity for salt rocks can be
determined by:
λ(T ) =
2960
350 + T
− 2.11. (3.17)
Excluding salt and ultrabasic rocks they summarized the temperature de-
pendence of rock thermal conductivity in the temperature range 0 ≤ T ≤
800◦C as:
λ(T ) =
770
350 + T
+ 0.7. (3.18)
A comparison of equation 3.6 with the equations 3.12 – 3.15 of Zoth and
Haenel (1988) for different rock types – including ultrabasic rocks – yields
nearly identical results (Fig. 3.10a). This also confirms that the approach
of this study, using a suite of both magmatic and metamorphic rocks from
different crustal levels from the Eastern Alps, yields good estimates of λ(T )
for crystalline rocks in general.
For sedimentary rocks, there is one notable exception: Equation 3.8 cannot
be applied to determine λ(T ) for salt rocks due to the higher temperature
dependence of salt compared to other sedimentary rocks (Fig. 3.10b). The
comparison of equation 3.6 and that of Sass et al. (1992) shows slight
differences especially for acid, basic and metamorphic rocks (Fig. 3.11).
Similar to the different equations of Zoth and Haenel (1988), equation 3.6
shows a stronger decrease of thermal conductivity with temperature above
200 ◦C.
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Figure 3.10: Comparison of equation 3.6 and 3.8 of this study with different general
equations for λ(T ). Lines: Equation 3.6 and 3.8; symbols: (a) Zoth and Haenel (1988)
different crystalline rocks; (b) Zoth and Haenel (1988) sedimentary rocks.
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Figure 3.11: Comparison of equation 3.6 of this study with the general equation for λ(T )
of Sass et al. (1992). Lines: Equation 3.6; symbols: Sass et al. (1992) different crystalline
rocks.
Seipold (1998, 2001) used different expressions for the temperature depen-
dence of thermal conductivity. He used a large number of measurements
and additional literature data to determine a linear decrease of λ(T ) with
inverse temperature. A temperature function can thus be written as:
λ(T ) =
1
B(T − 532± 45) + 0.448± 0.014. (3.19)
B is a coefficient which depends on rock type, and T is temperature in
K. The linear fit of λ(T ) as a function of 1/T shows a slight variation of
around 0.5 W m−1 K−1 compared to the results of equation 3.6 (Fig. 3.12a).
For many rocks (e.g., a KTB-gneiss sample) Seipold (2001) obtained a bet-
ter fit to the data, especially in the range of lower and higher temperatures,
with the equation:
λ(T ) =
T
F (T − 314± 35) + 122±20. (3.20)
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Figure 3.12: Comparison of the equation for crystalline rocks of this study with λ(T )
according to Seipold (1998). Lines: equation 3.6; symbols: Seipold (1998) and Seipold
(2001): (a) equation 3.19; (b) equation 3.21.
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For temperatures above 600 ◦C Seipold (2001) implemented an additional
cubic term C
′
T 3 to take into account the contributions of electromagnetic
heat radiation. The respective expression can be written as:
λ(T ) =
1
(A′ + B ′T )
+ C
′
T 3, (3.21)
with different coefficients A
′
, B
′
and C
′
for different types of rock. The
comparison of equation 3.6 and equation 3.21 (Fig. 3.12b) shows that
above 100 ◦C the curves for rocks with either very large or very low thermal
conductivity at ambient conditions differ significantly. The fit of Seipold
(2001) for these rocks leads to a smaller decrease in thermal conductivity
with temperature than the one resulting from equation 3.6. Seipold (2001)
specifies the standard deviation of the fit of all curves to the data to be
± 0.3 W m−1 K−1.
3.10 Thermal diffusivity as a function of thermal con-
ductivity
Fig. 3.13 shows thermal diffusivity at ambient temperature as a function
of thermal conductivity. This linear regression of the data results in a slope
(see equation 3.4) of:
1/(% cp) = 1/(2.2 × 106 J m−3 K−1). (3.22)
This agrees well with the value published by Beck (1988):
(% cp) = (2.3 × 106 J m−3 K−1) ± 20%. (3.23)
Thermal diffusivity κ at ambient conditions can therefore be determined
from thermal conductivity λ at ambient conditions by:
κ = c × λ, (3.24)
with an empirical constant c = 0.45, λ in W m−1 K−1 and κ in 10−6 m2 s−1.
The equation agrees reasonably with an experimental relationship for ther-
mal diffusivity as a function of thermal conductivity found by Kukkonen &
Suppala (1999) which is based on laboratory measurements on rocks from
different Finnish sites (Kukkonen and Lindberg, 1998). Their correspond-
ing equation takes the form:
κ = −0.2 + c λ, (3.25)
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with c = 0.53, λ in W m−1 K−1 and κ in 10−6 m2 s−1. It agrees best with
equation 3.24 in the range of 1.75 ≤ λ ≤ 3.25 and due to the different slope
less well at lower and higher values (Fig. 3.13). Fig. 3.14 and Fig. 3.15
show the linear relation of thermal diffusivity and thermal conductivity
at temperatures up to 300 ◦C for different rock types of this study. The
slope decreases continuously with temperature from c = 0.41 at 100 ◦C
(Fig. 3.14a) to c = 0.36 at a temperature of 300 ◦C (Fig. 3.15). Fig. 3.16
shows, that in the temperature range from 25 – 300 ◦C the decrease of the
slope c with temperature can either be fitted linearly by:
c := y = −0.0003x + 0.4468, (3.26)
or assuming a logarithmic trend by:
c := y = −0.0345Ln(x) + 0.562. (3.27)
Thus, based on this study, thermal diffusivity can be estimated from ther-
mal conductivity not only at ambient conditions, but also up to 300 ◦C
for magmatic, metamorphic and sedimentary rocks.
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Figure 3.13: Variation of thermal diffusivity at ambient conditions as a function of thermal
conductivity at ambient conditions for magmatic, metamorphic, and sedimentary rocks.
R2: linear correlation coefficient.
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Figure 3.14: Variation of thermal diffusivity at different temperatures as a function of
thermal conductivity at different temperatures for magmatic, metamorphic, and sedi-
mentary rocks: (a) at a temperature of 100 ◦C; (b) at a temperature of 200 ◦C. R2: linear
correlation coefficient.
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Chapter 4
Numerical simulation of the thermal
regime of the Eastern Alps
4.1 Basic equations of heat transfer
For the following equations we will assume that the coordinate system
be a right-handed cartesian one in a vertical 2-D plane (for instance a
geological or geotectonic cross section) with the z-axis pointing upwards.
Then Fourier’s law of heat conduction in two dimensions is:
q = −λ∇T, (4.1)
where q = (q1, q2) is the heat flow density vector and λ, for anisotropic
media, is a tensor: λ =
(
λ11 λ12
λ21 λ22
)
; ∇T is the temperature gradient.
The steady-state heat conduction is given by the Laplace equation:
∇(λ∇T ) + H = 0, (4.2)
with heat production rate H.
Transient processes are described by the corresponding Poisson equation:
∇(λ∇T ) + H = %c∂T
∂t
, (4.3)
where % is density, c specific heat capacity and t time.
If advective heat transport is considered too, an advective term needs to
be added. It results from fluid flow through a porous medium and is given
by:
−∇(%fcfvfT ), (4.4)
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where %f and cf are water density and specific heat capacity, and vf is
specific discharge defined by Darcy’s law of groundwater flow in porous
media:
vf = K∇h = Φva, (4.5)
with K =
%fg k
µ
, where k is permeability, g gravity, µ dynamic water vis-
cosity, h hydraulic head, Φ porosity and va average flow velocity.
Combining equations 4.2, 4.4 and 4.5 for a homogeneous and isotropic
medium yields the conduction-advection equation:
λb∇2T + H −∇(Φ%fcfvaT ) = 0. (4.6)
In the transient case, a term is added on the right-hand side in analogy to
equation 4.3:
λb∇2T + H −∇(Φ%fcfvaT ) = (%c)b
∂T
∂t
, (4.7)
where λb = (1−Φ)λr +Φλf is the isotropic bulk thermal conductivity and
(%c)b = (1− Φ)%rcr + Φ%fcf the corresponding bulk thermal capacity
where subscript r refers to dry rock properties and f to water.
4.2 Simulation techniques
The objective of this study is to solve a 2-D steady-state problem of heat
conduction to yield estimates of Moho temperatures and heat flow along
the TRANSALP profile with corresponding uncertainties. For the problem
considered, we possess certain information on the field variables e.g., the
temperature distribution, the petrophysical properties e.g., thermal con-
ductivities and radiogenic heat production rates and the boundary heat
flow. Some of these are better known than others.
There are different numerical forward and inverse techniques for solving
partial differential equations.
Given perfect knowledge of the petrophysical properties and the boundary
conditions, solving a set of partial differential equations for a field variable
such as the temperature distribution, is a forward problem. Commonly
used numerical methods for solving partial differential equations are the
finite difference method, the boundary element method and the finite ele-
ment method.
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The finite difference method is widely used for its relative simplicity in com-
puter programming. The general principles of the method are introduced
in many text books (e.g., Smith, 1978). There are many applications of the
method to the evaluation and interpretation of heat flow data. Examples
are Cermak and Bodri (1986) for the problem of downward continuing heat
flow data and Henry and Pollack (1985) for correcting heat flow data for
the effects of topography and structure. Clauser (1988a) used 2-D and 3-D
finite difference techniques to model the interactions between the geother-
mal and the hydrological regimes.
The boundary element method (e.g. Ligget and Liu, 1983) is at present less
favored in earth sciences, due to its limited power in dealing with heteroge-
neous media. Applications of the method to heat transfer and geothermal
problems can be seen in Pina (1984) and Powell et al. (1988), respectively.
The finite element method is generally considered most suitable in dealing
with anisotropic media, complex material property structures and bound-
ary conditions, and there is no strict limitation concerning the shape of
the elements. The general principles and technical details are explained
in numerous text books (e.g., Bathe and Wilson, 1982). The method was
successfully used in terrestrial heat flow research: it was used, for instance,
by Ballard and Pollack (1987) in the interpretation of heat flow data from
Archean cratons and by Willet and Chapman (1987) used it to determine
the thermal effects of groundwater flow.
For the problem considered in this study we have good control of the petro-
physical properties but only sparse information from direct temperature
measurements and nearly none on the boundary conditions (basal heat
flow). Thus the problem cannot be solved using forward techniques.
The ill-posedness of the problem due to lack of information on the field vari-
ables and the boundary conditions requires that inverse theory be applied.
An example for the application of the inverse method in terrestrial heat
flow research is the determination of a boundary heat flow at a certain
depth, given limited information on field variables and on petrophysical
properties. A suitable method for the problem considered in this study is
the method of statistical parameter estimation based on Bayesian statistics
(Lindley, 1972; Box and Tiao, 1973).
In geophysics Bayesian inversions are often based on the seminal studies of
Rodgers (1976) and Tarantola and Valette (1982a,b, 1987). This approach
is particularly useful in geological applications where often much informa-
tion is available, however generally with large uncertainty. The general
formulation of this inversion technique makes it very flexible with respect
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to assimilating ”soft” information into a quantitative approach. Uncertain
parameters enter the nonlinear inversion scheme by the choice of their prior
values and the corresponding covariance matrices.
The present Bayesian inversion code was originally developed by Wang
(1989) and further verified by Lehmann (1998). It allows forward and in-
verse modelling of 2-D, steady-state, conductive and advective heat trans-
port in geological structures (Wang and Beck, 1989; Wang et al., 1989).
The finite element method is used to solve the coupled differential equa-
tions for fluid flow (equation 4.5) and heat transport (equation 4.6).
In this study, however, heat advection by fluid flow was neglected because
of the large vertical extension of the finite element model resulting in an
altogether predominantly conductive heat transport. The finite element
mesh was constructed from eight-node serendipity isoparametric elements
as described by Bathe and Wilson (1976) or Zienkiewicz and Taylor (1989).
The use of high-order basis functions allows a much coarser discretization
than the more popular linear elements. Each element is assigned individual
values for thermal conductivity λ (W m−1 K−1) and heat production rate
H (µW m−3). Also, heat flow can be assigned to boundary nodes.
As the problem considered is of crustal scale and therefore involves high
temperatures, the nonlinear behaviour of thermal conductivity was taken
into account using the relation of Zoth and Haenel (1988) (equation 3.18),
as implemented in the inversion scheme by Lehmann (1998) and Lehmann
et al. (1998). In the code used in this study the parameter vector p consists
of both temperatures at all nodes and values of thermal conductivity λ and
heat production rate H of all parameter zones in the model. In particular,
this code uses the data space updating formula (see Fomel, 2001) given by
Rodgers (1976, 2000)
pk+1 = papr+ CppS
T
(
Cdd + SCppS
T
)−1 · [d−g(pk)+S(pk−papr)] , (4.8)
where small letters indicate vectors and capital letters indicate matrices.
p and pk denote the parameter vector at iteration k, Cpp and Cdd are
the a priori covariance matrices for parameters and data, S the sensitivity
matrix evaluated at iteration k and d− g(p) the vector of data residuals.
From equation 4.8 it follows, that a densely populated matrix Nd×Nd has
to be inverted at each iteration, where Nd is the number of data used. In
the present code this number can be quite large, as all nodal values are
considered as data. This makes the inversion computationally expensive,
in particular when the a posteriori parameter covariances Cˆpp are needed,
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which require the inverse explicitly:
Cˆpp = Cpp −CppST
(
SCppS
T + Cdd
)−1
SCpp. (4.9)
On the other hand, the direct use of covariance matrices makes the tech-
nique very flexible with respect to their choice. In this study, these matrices
are both assumed as diagonal containing the variances; i.e. the squared
standard deviations, which corresponds to assuming independent and nor-
mally distributed parameters and data. For basal heat flow, however, an
exponential covariance is assumed (e.g. Tarantola and Valette, 1982a,b,
1987; Rodgers, 2000). In this case the choice of a corresponding correla-
tion length leads to a spatial smoothing of the parameters. For the purpose
of inversion lnλ and lnH are used as λ and H are not allowed to be nega-
tive. They are further assigned indirectly by assuming homogeneous units,
which are usually fewer than the number of elements used. For units with
well known petrophysical properties (e. g. from laboratory measurements)
or nodes with measured temperatures, small variances will be assumed.
Variances for all other petrophysical parameters and temperatures have
to be chosen corresponding to prior knowledge. This most often amounts
to assigning sufficiently large values to allow these parameters to adapt
themselves according to the better known data (see section 4.3 below).
When the iterative procedure described above has converged, linearized a
posteriori parameter variances can be found from the diagonals of the cor-
responding covariance matrices, i. e. from equation 4.9. It has to be kept in
mind, however, that the use of the covariance matrices in this way is only
valid under several restrictive conditions (Tarantola and Valette, 1982b).
For the present code Wang (1989) proved that these conditions are ful-
filled.
The numerical model for both forward and inverse simulations is a vertical
cross section along the TRANSALP reflection seismic profile. It was based
on the initial geological cross section for the TRANSALP profile (Lam-
merer and Weger, 1998). Its geometry was then successively refined and
adapted according to the new results of reflection seismic survey (Gebrande
et al., 2001; TRANSALP Working Group, 2002) and gravity modeling
(Ebbing et al., 2001). This structural information provides an important
a priori input for the inverse calculations and constrains to a large degree
the uncertainty in respect to structure.
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4.3 Bootstrapping
Statistically significant mean values and standard deviations to be used as
input in the inverse simulations were generated from our limited database
using the ”bootstrapping” method (Efron, 1982; Efron and Tibshirani,
1993). This method allows to estimate the true data variance from a
limited-size statistical population if it can be assumed that this population
truly represents the sampled rock unit. This requires in particular that the
measurements faithfully reflect the real petrographical variability.
Based on the technique of ”random sampling with replication”, the original
data set was re-sampled, yielding 1000 bootstrap samples. Sampling with
replication means that each value of the original data set may be drawn
once, several times, or not at all by a random generator. Mean values were
calculated from each of these samples. Estimators for mean and variance of
the original data set were then calculated based on these bootstrap sample
means using the usual procedure (Efron and Tibshirani, 1993).
All measured petrophysical data was treated this way using the commercial
software Resampling Stats∗ in order to obtain statistically significant mean
values and standard deviations for the inverse simulations. Table 4.1 shows
an example of the results of this procedure.
Table 4.1: Bootstrapping results for thermal conductivity λ of six samples from location 4.
λ λ
data
(W m−1K−1)
bootstrap
(W m−1K−1)
sample 1 3.15
sample 2 3.87
sample 3 3.17
sample 4 3.12
sample 5 3.19
sample 6 3.79
mean value
arithmetic mean 3.38
after bootstrapping
3.18
standard deviation
standard deviation 0.35
after bootstrapping
0.34
∗TM 2003 Resampling Stats, Inc., 612 N. Jackson St., Arlington, VA 22201
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4.4 Forward simulation
In the study area measured temperature data at depth is virtually nonex-
istent. As in this study a problem of downward continuation of heat flow
data is regarded, a forward simulation using the same grid is the only way
to generate temperature data.
Since there are many uncertain factors, such as basal heat flow and petro-
physical properties at depth, several iterations of forward simulation were
performed to adapt the simulated results as good as possible to the avail-
able data. First forward simulations were carried out using a model consist-
ing of 2015 elements and 6382 nodes (Fig. 4.1). It was, however, simplified
in order to reduce computing time and storage in regard of the subsequent
inverse calculations. The comparison of the results of the high-resolution
and the simplified model show no significant influence of the numerical
discretization.
The final model which was also used for inversion comprises a total of 936
elements and 2989 nodes. It has a horizontal N-S extent of 323 km and a
lower boundary which coincides with the Moho and reaches its maximum
depth of 55 km beneath the Alpine root (Fig. 4.2). A forward simulation
for a model constrained by the mean values of the petrophysical proper-
ties (Fig. 3.2; Fig. 3.1; Fig. 3.5) was calibrated using the available, if
sparse temperature data. The surface boundary condition is constant but
elevation dependent temperature, calculated from an adiabatic tempera-
ture gradient of 5 – 6 K km−1 (Jobmann and Clauser, 1994). The resulting
surface temperatures range from −4 – 10 ◦C. The lower boundary condi-
tion is heat flow which varies along the profile. No heat flow is allowed
across the vertical boundaries of the model. In the simulations, the initial
thermal conductivities are adjusted to the current temperature according
to Zoth and Ha¨nel (1988) (equation 3.18), as in Lehmann (1998). The
variation with temperature of the thermal conductivity of different rocks
of the Eastern Alps agrees well with that predicted by the equation of
Zoth and Ha¨nel (1988) (see section 3.9). Only a few boreholes exist which
are both sufficiently deep and close to the model to be useful for calibra-
tion, basically only in the Molasse and Po basins in the most northern and
southern parts of the model, respectively (see Fig. 4.2). Therefore, heat
flow and temperature measured in Alpine lakes (Finckh, 1981; Ha¨nel and
Zoth, 1982), tunnels (Goy et al., 1996), shallow boreholes, and ore mines
(Pasquale, 1985) were projected onto the profile if they are in geological
settings comparable to the model.
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Figure 4.1: Finite element model with 2015 grid elements, used for first forward simula-
tions and for sensitivity analyses. Gray shades and numbers identify different parameter
zones.
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Figure 4.2: Finite element model with 936 grid elements adapted to the most recent
seismic results of the TRANSALP survey (Gebrande et al., 2001; Ebbing et al., 2001;
TRANSALP Working Group, 2002). Gray shades and numbers identify different para-
meter zones, arrows labelled ”Ln” with n = 1,...26 indicate the sampling locations, and
vertical bars show boreholes or points of direct temperature measurements available for
model calibration. Surface heat flow values in the Southern Alps were obtained from
extrapolated heat flow data from Pasquale et al., (1993), Pasquale (1985) and Pasquale
and Verdoya (1990).
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Due to a lack of temperature data from the Southern Alps, and particu-
larly from the Dolomite mountains, only a crude calibration was possible
in this part of the profile. It was based on extrapolated heat flow data
from Pasquale et al., (1993), Pasquale (1985) and Pasquale and Verdoya
(1990). The best fit to the calibration data was obtained, if heat flow along
the base of the model varies between 5 – 25 m W m−2. The temperature
data, however with large a priori standard deviation, was further used as
a priori input for the inverse simulations.
4.5 Inverse parameter estimation
The mean values and standard deviations of the petrophysical properties
obtained from bootstrapping (see section 4.3) and the temperature field
of the calibrated forward simulation were used as a priori input for the
inverse simulations. In order to account for the uncertainty in the temper-
ature distribution where no direct temperature measurements exist, the a
priori standard deviation of the temperature was increased from ± 1 K at
the top to ± 300 K at the base of the model. The available temperature
data was integrated by calculating the corresponding temperatures for the
FE nodes in the model and by constraining them with a very small a priori
uncertainty. As in the forward simulations, the a priori thermal conduc-
tivities correspond to room temperature conditions. For the simulations,
they were adjusted to the current temperature according to Zoth and Ha¨nel
(1988) (equation 3.18), as described by Lehmann et al., (1998). Variations
of the priori means and standard deviations of thermal conductivity and
radiogenic heat production rate in different parts of the upper and lower
crust either yield the same a posteriori results or none at all. Thus the pa-
rameter distribution in the upper and lower crust seems to be reasonably
well constrained. Only the variations of the middle crust heat production
rate yield alternative results – corresponding either to Model 1 with a gra-
nodioritic middle crust (with heat production rates as for location 26), or
to Model 2 with a less differentiated middle crust with larger heat produc-
tion rates corresponding to a joint bootstrap of data from locations 6, 14,
16 – 20, and 26 (Tab. 4.2). These different assumptions yield some slight
differences in respect to the a posteriori values. Model 1 fits the a priori
values for thermal conductivities of the Molasse sediments (parameter 1)
better (Fig. 4.3a) and yields a sightly higher thermal conductivity of the
Middle crust (parameter 22).
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Table 4.2: Different rock types used in the model as constant parameter zones and corre-
sponding sampling locations (see Tab. 2.1). An asterisk indicates that there are no out-
crops for this rock in the study area and therefore data from the literature had to be used.
Parameter zone
No.
Description and corresponding sampling locations
1 Molasse Sediments (locations 1, 2)
2 Quaternary-Pliocene Sediments (*)
3 Miocene-Paleocene Sediments (*)
4 Flysch Sediments (unmetamorphoused)(*)
5 Jurassic and Cretaceous Sediments (*)
6 Wetterstein Limestone (location 4)
7 Main Dolomite (Northern Calcareous Alps) (location 3)
8 Main Dolomite (Dolomite Mountains) (location 25)
9 Schlern Dolomite (location 21)
10 Bu¨ndner Schist (location 5)
11 Quartzporphyry, Permo-Carboniferous Clastics (location 22)
12 Quartzphyllites, Gneisses (locations 6, 14, 16, 17, 18, 20)
13 Brixen Granite (location 19)
14 Mixture of parameter zone numbers 12 and 21)
15 - 19 Upper Crust (European Basement) (*)
20 Upper Crust (Tauern Window) (locations 8, 9, 11, 12, 13)
21 Upper Crust (Adriatic Basement) (locations 23, 24)
22 Middle Crust (location 26) resp. (locations 6, 14, 16, 17, 18, 19, 20)
23 Upper Part of the Lower Crust (Dioritic) (*)
24 Mixture of parameter zone numbers 23 and 25
25 Lower Crust (locations 9, 10, 17)
Model 2 yields a better fit of the a priori thermal conductivities of the up-
per crust of the European basement (Fig. 4.3b) (parameters 15 – 19). Fig.
4.4 shows the comparison of the inversion results of both models with the
available, but sparse temperature data (Fig. 4.2). Temperature logs with
a negligible uncertainty of approximately 0.1 K were recorded in boreholes
Erding 1 and Darching 1. Bottom-hole temperatures with an uncertainty
of approximately 5 K were measured in boreholes Wolnzach 1, Misbach
1, Vorderriss 1, Tauern drillhole, Belluno 1 and Sedico 1. For the Mo-
lasse Basin (Fig. 4.4a – d) Model 1 yields higher temperatures at greater
depth. For the Tauern Window (Fig. 4.4f) the trend is contrary and for
both Northern Calcareous Alps (Fig. 4.4e) and Southern Alps (Fig. 4.4g
and h) both models yield equal results. A possible reason for this trend
might be the decrease in thickness of the middle crust from north to south.
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Even though Model 2 satisfies the available temperature data better for
one borehole (Fig. 4.4c), both models are reasonable and will therefore be
discussed separately.
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Figure 4.3: A priori and posteriori thermal conductivity in Wm−1 K−1 (gray open and
black filled circles, respectively) and heat production rates in µWm−3 (gray open and
black filled squares, respectively) from inverse simulations based on a cross section of
the Eastern Alps along the TRANSALP reflection seismic profile (Fig. 4.2):(a) Model
1: granodioritic middle crust with low heat production rate; (b) Model 2: less differenti-
ated middle crust with elevated heat production rate. Vertical bars: standard deviation;
parameter zone numbers: see Tab. 4.2.
46 Chapter 4. Numerical simulation of the thermal regime of the Eastern Alps
b
a
c
d
e
f
g
h
-7000
-6000
-5000
-4000
-3000
-2000
-1000
0
d
e
p
th
 (
m
)
d
e
p
th
 (
m
)
d
e
p
th
 (
m
)
d
e
p
th
 (
m
)
temperature (°C) temperature (°C)
-7000
-6000
-5000
-4000
-3000
-2000
-1000
0
0 50 100 150 200
-7000
-6000
-5000
-4000
-3000
-2000
-1000
0
0 50 100 150 200
-7000
-6000
-5000
-4000
-3000
-2000
-1000
0
Figure 4.4: A posteriori temperatures of Model 1 (solid lines) and Model 2 (dashed
lines) compared to measured temperatures. Small letters a – h indicate boreholes: (a)
Wolnzach 1; (b) Erding 1; (c) Darching 1; (d) Miesbach 1; (e) Vorderriss 1; (f) Tauern
drillhole, Tauern tunnel; (g) Belluno 1; (h) Sedico 1 (Fig. 4.2). Circles with horizontal
bars: measured temperatures with corresponding uncertainty ranges; lines: Model 1:
granodioritic middle crust with low heat production rate; Model 2: less differentiated
middle crust with elevated heat production rate.
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Figure 4.5: A posteriori heat flow in mWm−2 (arrows) and thermal conductivity in
Wm−1 K−1 (filled isolines) from inverse simulations for a cross section of the Eastern
Alps along the TRANSALP reflection seismic profile (Fig. 4.2): (a) Model 1: granodi-
oritic middle crust with low heat production rate; (b) Model 2: less differentiated middle
crust with elevated heat production rate. To emphasize regions with variations of the
predominantly vertical heat flow, the horizontal component of all values was two-fold
exaggerated.
Fig. 4.5a, b shows the resulting distribution of thermal conductivity in the
basement of the Eastern Alps and the heat flow vectors of both models.
Due to the temperature dependence of thermal conductivity, this property
ranges from maximum values of approximately 5 W m−1 K−1 to minimum
values of around 1.5 W m−1 K−1 in the lower part of the European plate
and the Alpine root. Heat flow is mainly vertical but becomes refracted
in regions of large thermal conductivity contrasts. The larger heat flow
in the northernmost part of the model (European plate) compared to the
Southern Alps (Adriatic plate) is probably due to the increased radiogenic
heat production rate in the European upper crust (Fig. 4.3a, b).
Fig. 4.6a shows that a granodioritic middle crust yields maximum tem-
peratures of around 900 ◦C at the base of the European crust. In contrast,
maximum temperatures in the basement of the Southern Alps are clearly
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Figure 4.6: A posteriori temperature in ◦C from inverse simulations based on a cross
section of the Eastern Alps along the TRANSALP reflection seismic profile (Fig. 4.2):
(a) Model 1: granodioritic middle crust with low heat production rate; (b) Model 2: less
differentiated middle crust with elevated heat production rate; (c) residual temperatures
∆T = T4.6a−T4.6b corresponding to the difference between the temperatures shown in (a)
and (b).
lower at up to 600 ◦C. Higher heat production rates (Fig. 4.6b) yield lower
maximum temperatures of around 800 ◦C in the region of the Alpine root
and considerably lower maximum temperatures at the base of the Euro-
pean crust. Subtracting the results in Fig. 4.6b from those in Fig. 4.6a
shows that these alternative models correspond to temperature differences
4.5 Inverse parameter estimation 49
of approximately 50 K (5 – 10 %) for the lower part of the Southern Alps
and the alpine root and to a temperature difference of up to 250 K (30 %)
for the lower part of the European plate (Fig. 4.6c). The large tempera-
ture difference in the northernmost part of the model most likely results
from the greater thickness of the middle crust in this region, compared to
the southernmost part of the model.
Temperatures of 800 ◦C± 100 ◦C at the Eastern Alpine Moho calculated
from temperature data gained at the Tauern Tunnel were also estimated
by Kappelmeyer (1968). Further, the latest seismic reflection results show a
vanishing Moho underneath the Alpine root. This effect could be explained
by the onset of melting of lower crustal material (Gebrande, personal com-
munication, 2002). Earthquake focus depth detections for the region of
Tyrol were carried out since the year 1991 by the ZAMG (Central Institute
for Meteorology and Geodynamics, Vienna) (Lenhardt, personal communi-
cation, 2003). Maximum earthquake foci were detected at a depth of 24 km
(see Fig. C.1 in appendix C), where most earthquakes occurred between 5
– 15 km depth, possibly indicating the minimum depth of ductile deforma-
tion in this region which however, strongly depends on several geochemical
factors. The simulated temperature at maximum earthquake foci depth is
approximately 550 ◦C (Fig. 4.6a, b).
The inversion results for thermal conductivity and radiogenic heat pro-
duction rate (Fig. 4.3) illustrate that in most cases the a posteriori mean
values differ little from the a priori values while, at the same time, the a
posteriori uncertainty expressed by the standard deviation is significantly
smaller. The best results were obtained for a model in which the Euro-
pean upper crust was divided into five horizontal blocks. This yielded an
improved fit to the available temperature data. Therefore, the heat pro-
duction rate in the first three sections (from north to south parameters 15
– 17) is slightly increased. It is slightly decreased in the southernmost sec-
tion (parameters 18 – 19) under the Molasse Basin and under the Northern
Calcareous Alps with a very small standard deviation, due to temperatures
measured in boreholes ”d” and ”e” (see Fig. 4.2). The heat production
rate of the Adriatic upper crust (parameter zone 21) is decreased a poste-
riori while thermal conductivity of parameter zones 16 and 21 is slightly
increased. A priori heat flow at the Moho is very uncertain. Therefore it
was set to a constant value of 20± 20 mW m−2 over the entire length of the
model. It was only constrained by assuming a lateral correlation length of
50 km, thus forcing a smooth variation along the profile. In contrast, the
a posteriori heat flow at the model base is quite variable.
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Figure 4.7: Depth of model base in km, a priori and posteriori basal heat flow in mWm−2
(open and filled circles, respectively) from inverse simulations based on a cross section
of the Eastern Alps along the TRANSALP reflection seismic profile (Fig. 4.2), assuming
a granodioritic middle crust: (a) depth of the model base; (b) profile of a priori and a
posteriori heat flow and standard deviation (vertical bars) at the model base; (c) profile
of a posteriori heat flow at a uniform depth of 55 km.
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Figure 4.8: Depth of model base in km, a priori and posteriori basal heat flow in mWm−2
(open and filled circles, respectively) from inverse simulations based on a cross section of
the Eastern Alps along the TRANSALP reflection seismic profile (Fig. 4.2), assuming a
poorly differentiated middle crust: (a) profile of a priori and a posteriori heat flow and
standard deviation (vertical bars) at the model base; (b) profile of a posteriori heat flow
at a uniform depth of 55 km.
For the model with the granodioritic middle crust, it shows a distinct
minimum under the Alpine root with values lower than 10 mW m−2, and
values around 25 mW m−2 and 15 mW m−2 for the northernmost and south-
ernmost part of the model, respectively (Fig. 4.7b). Because the lower
boundary of the model varies considerably with depth (Fig. 4.7a), a pos-
teriori heat flow is also plotted at a constant depth of 55 km (Fig. 4.7c).
In order to calculate heat flow at this depth where the model is more
shallow, thermal conductivity up to this depth was considered constant,
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because thermal conductivity varies little in the temperature range 900 –
1000 ◦C (Seipold, 2001). It is therefore estimated to 1.3 – 1.6 W m−1 K−1,
and radiogenic heat production is kept constant at 0.2 µW m−3. The tem-
perature gradient was calculated in each corresponding finite element of
the model. The resulting heat flow still follows the same trend but is less
variable than across the Moho, which varies in depth. Fig. 4.8 shows the
variation of heat flow for the model with a less differentiated middle crust,
again across the Moho (Fig. 4.8b) and at a constant depth of 55 km (Fig.
4.8c). Heat flow at the Moho is 18 mW m−2 in the north. It decreases to
around 5 – 10 mW m−2 (with a minimum in the north of the Alpine root).
Towards the south values are almost identical to those obtained for the
model with a granodioritic middle crust (Fig. 4.7).
Chapter 5
Transient effects
5.1 Effect of paleoclimate
The effect of the paleoclimate on the surface temperature depends on the
diffusion of a transient thermal signal into the subsurface. The distortion of
the subsurface temperature was estimated by performing 1-D forward sim-
ulations of transient conductive heat transport according to equation 4.3:
%c
∂T
∂t
= − ∂
∂z
λ
∂
∂z
T + H, (5.1)
where % is density (kg m−3), c is specific heat capacity (J kg−1 K−1), λ is
thermal conductivity (W m−1 K−1) and H is heat production rate (µW m−3).
Parameterizing the paleoclimate as a series of N temperature steps T Gn , the
solution of equation 5.1 results in (Carslaw and Jaeger, 1959):
T (z) = T0 + q0R(z)−M(z) + Tt(z), (5.2)
where R(z) =
∫ z
0
dz
′
λ(z) , M(z) =
∫ z
0
dz
′
λ(z)
∫ z′
0 H(z
′′
)dz
′′
and
Tt =
∑N
n=1 T
G
n
(
erfc
(
z
2
√
κtn
)
− erfc
(
z
2
√
κtn−1
))
.
For this study a Matlab∗ code was used, which was developed by Rath
(personal communication, 2003). Further information concerning the code
can be found in Clauser et al. (2002). Modelling depth was restricted to
10 km, assuming a homogeneous half-space. The initial condition was a
thermal gradient of 30 K km−1. Boundary conditions are a series of tem-
perature steps T Gn at the top, a constant basal heat flow at bottom, a
homogeneous rock with radiogenic heat production of 1 µW m−3 and a
thermal conductivity at ambient conditions of 3 W m−1 K−1.
∗TM1994-2003 The MathWorks, Inc.
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Since the paleoclimatic signal diffuses to great crustal depth for large time
intervals, the temperature dependence of thermal conductivity was taken
into account according to equation 3.6. Thermal diffusivity was determined
from thermal conductivity according to equation 3.24.
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Figure 5.1: Paleoclimatic signal calculated from a simplified boxcar scenario and from
paleo-climatological proxy data by Rellstab (1981; 1982): (a) variation of ground surface
temperature with time; (b) paleoclimatic signal with depth.
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Two different paleoclimatic scenarios were chosen to determine the effect
of changing surface temperatures on the subsurface. First, a simple boxcar
scenario (Fig. 5.1a) was used, assuming a ground surface temperature of
−7 ◦C for the time from 1, 000, 000 – 10, 000 years b.p and a ground surface
temperature of 0 ◦C for the time from 10, 000 years b.p. – present, respec-
tively. Following this approach, a maximum paleoclimatic signal of −6 K
can be found at a depth of 2 km today. The paleoclimatic signal diminishes
with depth and disappears at a depth of approximately 20 km (Fig. 5.1b).
The second scenario uses the paleo-climatological proxy data collated for
Switzerland by Rellstab (1981; 1982) (Fig. 5.1a). The results are almost
identical (Fig. 5.1b). The peak of the paleoclimatic signal is again at 2 km.
Due to lower minimum temperatures of the paleo-climatological proxy data
for Switzerland it reaches −6.5 K. Both results correspond well with studies
of Clauser et al. (1997), who detected the maximum paleoclimatic signal in
the temperature profile of the 4 km deep thermally equilibrated KTB-VB
borehole at a depth of 1200 – 1500 m. The difference in depth most proba-
bly results from a slightly different trend of the paleo-climatological proxy
data for Germany used by Clauser et al. (1997). Even for boreholes in
the Molasse Basin, only two temperature measurements exist, which show
a smaller error than 5 K (boreholes Erding 1 and Darching 1, Fig. 4.4).
As the absolute value of the paleoclimatic disturbance mostly lies within
the uncertainty range of the existing temperature measurements the pale-
oclimatic effect could not be considered in the calibration of the numerical
models.
Fig. 5.2 shows the error of steady state inverse simulations due to ne-
glecting paleoclimatic perturbations for the central part of the study area
(Tauern Window). The main paleoclimatic perturbation exists in the
uppermost 20 km of the Eastern Alpine crust. In this depth interval
the error in simulated temperature gradient and heat flow ranges from
0.3 – 4 K km−1 and 0 – 5.7 mW m−2, respectively, with largest errors at
the Earth’s surface and decreasing with depth.
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Figure 5.2: Effect of paleoclimate on temperature gradient ∆T/∆z and heat flow density
q for the central part of the study area (Tauern Window). Solid lines: steady state
inversion results from Model 1, assuming granodioritic middle crust; dashed lines: effect
of paleoclimate. Temperature gradients are smoothed by moving averages, with windows
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5.2 Effect of exhumation
According to Kuhlemann et al. (2000) , the exhumation rate u in the
whole Eastern Alps amounts to u = 0.3 mm a−1. Mancktelow and Grase-
mann (1997) already calculated the effect of a constant exhumation rate
for different time intervals and showed that for very long time intervals the
exhumation signal fits a steady-state solution which can also be regarded as
a ”worst case” scenario. According to Stu¨we et al. (1994) and Mancktelow
and Grasemann (1997) we can obtain an analytical steady-state solution
for the effect of exhumation in a homogeneous isotropic solid the thermal
diffusivity of which is independent of temperature whenever the temper-
ature approaches some constant value at a certain depth L. For a slab
geometry with vertical distance z, surface temperature TS and constant
temperature TL at depth L the solution is:
T − TS
T − TL
=
1− exp(−u z/κ)
1− exp(−u L/κ). (5.3)
For this study a depth L of 100 km for the lithosphere-asthenosphere bound-
ary with corresponding melting temperature TL of 1325
◦C for ultramafic
rocks was used as boundary condition. Surface temperature was fixed at
0 ◦C, specific heat capacity c at 800 J kg−1 K−1, density % at 2800 kg m−3
and thermal diffusivity κ at 10−6 m2 s−1, an intermediate value for East-
ern Alpine rocks (see Fig. 3.13). Radiogenic heat production rate was
also taken into account, assuming an exponential decay with depth (e.g.
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Lachenbruch and Bunker, 1971; Hawkesworth, 1974) where h is the depth
at which the heat production drops to 1/e of the surface value:
H = HS exp (−z/h). (5.4)
The surface heat production rate HS was set to either 1.5 µW m
−3, which
is the mean value of rocks from the Tauern Window or 1 µW m−3, which is
the average a posteriori heat production rate of rocks from different levels
of the Eastern Alpine crust (Tauern Window, middle crust, upper part of
lower crust and lower crust) (see Fig. 4.3). As we regard a geotherm with
exhumation heat is advected by the warming solid and the steady state,
1-D conduction-advection equation corresponding to equation 4.6 is:
κ
∂2T
∂z2
+ u
∂T
∂z
= −H
%c
. (5.5)
The standard solution for this linear, inhomogenous second-order differen-
tial equation is given by (e.g. Spiegel, 1968. p.105):
T = C1exp(−u z/h) + C2 −
HS h
2
%c(κ− u h)exp(−z/h). (5.6)
For a slab geometry, the constants C1 and C2 can be determined from the
boundary conditions for the slab. According to Mancktelow and Grase-
mann (1997) the final solution is:
T = TS + β[1− exp(−z/κ)] + γ[1− exp(−u z/κ)], (5.7)
where
β =
HS c
%c(κ− u h),
γ =
(TL − TS)− β[1− exp(−L/h)]
1− exp(−u L/κ) .
Fig. 5.3a shows the geotherms corresponding to a constant tempera-
ture gradient of 13.25 K km−1 (black curve) as well as with the additional
exhumation signal (gray curve). The thermal signal amounts to 4 K at a
depth of 1 km (Fig. 5.4) and increases with depth.
Depending on either comparatively large or low radiogenic heat production
rates, the thermal signal due to exhumation is slightly higher or lower. A
maximum exhumation signal of approximately 80 K (Fig. 5.3b) results for
a depth of 50 km, corresponding to the depth of the Eastern Alpine root
(Fig. 5.3a; Fig. 5.3b). Due to the change of the algebraic sign of the slope
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of the exhumation signal at a depth of approximately 50 km (Fig. 5.3b),
the temperature gradient which is caused by exhumation is almost zero at
this depth (Fig. 5.5). Therefore the exhumation of the Eastern Alps yields
a negligible effect on total heat flow at this approximate Moho depth.
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Figure 5.3: Exhumation signal for different heat production rates: (a) in comparison with
linear geotherm; (b) depth dependent from 0 – 100 km.
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Figure 5.5: Depth dependence of the temperature gradient due to exhumation.
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Figure 5.6: Comparison of transient thermal signals due to paleoclimate and exhumation
of the Eastern Alps.
The total transient signal due to paleoclimate and exhumation is shown in
Fig. 5.6. As the two effects produce signals of opposite algebraic signs, the
signals largely cancel each other in the uppermost 1.5 – 2 km of the Alpine
crust. While the exhumation signal increases with depth the paleoclimatic
signal decreases. Therefore, at a depth below approximately 20 km, the
net transient signal equals the exhumation signal.
Fig. 5.6 shows, that the temperature gradient of the paleoclimatic signal
has a minimum at a depth of 0.6 km with an absolute value of approxi-
mately 5 K km−1. At a depth of 2 km the temperature gradient approaches
0 K km−1. The change in algebraic sign corresponds to the depth of the
maximum paleoclimatic temperature signal. The temperature gradient of
the exhumation signal decreases almost linearly from a surface value of
4 K km−1 to 2.6 K km−1 at a depth of 10 km. The total transient tempera-
ture gradient has an almost similar trend as the paleoclimatic one with a
shift in the absolute value of the exhumation temperature gradient.
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Figure 5.7: Heat flow and temperature error of different steady-state inverse simulation
scenarios (see chapter 4.5) for the subsurface of the Tauern Window due to paleoclimate
and exhumation. Model 1: assuming a granodioritic middle crust; Model 2: assuming a
less differentiated middle crust. Temperature: dashed lines; heat flow: solid lines.
Fig. 5.7 shows the error of different steady-state inverse scenarios due
to paleoclimate and exhumation for the subsurface of the Tauern Window.
The error in temperature distribution amounts to 14.5 % at a depth of
approximately 8 km and decreases to 9 % at the model base. The error in
heat flow distribution is 19 % at a depth of 4 km. It decreases faster with
depth and amounts to 0 % at a depth of approximately 47 km.
Chapter 6
Conclusions and discussion
The aim of this study is to investigate the thermal regime of the Eastern
Alps along the TRANSALP profile using petrophysical measurements and
numerical modelling.
(1) Summarizing the petrophysical measurements we find that the thermal
conductivity at 0 ◦C characterizes the temperature dependence of ther-
mal conductivity for different rock types. Different basement rock types
show no substantially different behaviour. This is also confirmed for dif-
ferent sedimentary rocks. Because genesis and mineralogical composition
of crystalline and sedimentary rocks are fundamentally different, two sep-
arate sets of coefficients are required. Verifying the equation of Sass et al.
(1992) by using the TRANSALP data, it could be demonstrated that the
original coefficients of Sass et al. (1992) can be used to estimate the tem-
perature dependence of thermal conductivity for different types of Eastern
Alpine crystalline rocks up to 300 ◦C. However, in the temperatures range
300 – 500 ◦C, the coefficients of Sass et al. (1992) yield a maximum error
of up to 55 % that increases with temperature. Using the coefficients of
Sass et al. to determine λ(T ) for sedimentary rocks also yields errors of
up to 60 %. For temperatures above 300 ◦C, the coefficients of this study
for λ(T ) of crystalline rocks yield an improved fit to the data set from
the Eastern Alps with a maximum error of ± 15 %. The corresponding
equation for λ(T ) for different types of sedimentary rock also fits the data
better than that of Sass et al. (1992) and leads to a maximum error of
+8/-34 %. The equation of this study yields fits comparable to that of Zoth
and Haenel (1988). For different types of Eastern Alpine magmatic, meta-
morphic and sedimentary rocks at ambient conditions, thermal diffusivity
varies linearly with thermal conductivity. This empirical relation nicely
corresponds with an experimental relationship for thermal diffusivity as a
function of thermal conductivity by Kukkonen & Suppala (1999) which is
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based on laboratory measurements of different rocks from Finland. In this
study a linear relation of thermal diffusivity and thermal conductivity was
also determined for temperatures up to 300 ◦C. The coefficient yielded by
linear regression decreases with temperature and can be fitted assuming
either a linear or a logarithmic trend.
(2) The results of numerical simulation calculations show that the tem-
perature distribution in the deeper layers of the European part of the
Alpine crust remains quite uncertain due to the large a priori uncertainty
in radiogenic heat production rate of the middle crust. The temperature
dependence of thermal conductivity has a large effect on the temperature
distribution at great depth in the crust. Also, even a small increase in
radiogenic heat production rate in the middle to lower crust or in basal
heat flow yield distinctly elevated temperatures. Despite this uncertainty,
both modelled scenarios yield a decreasing trend for Moho heat flow from
north to south with a minimum under the alpine root. Moho tempera-
tures similar to this study were already estimated by Kappelmeyer (1968)
and can possibly also be confirmed by reflection seismic interpretation
(Gebrande, personal communication, 2002). Maximum earthquake focus
depths (Lenhardt, personal communication, 2003) might indicate instating
ductile deformation at a depth of 24 km, corresponding to simulated tem-
peratures of approximately 550 ◦C. To summarize, the Bayesian inverse
approach is particularly attractive for problems where a lack of calibra-
tion data renders forward simulations useless. In geosciences, we are often
confronted with a situation where we can be sure about very few things
but have some information about almost everything. The Bayesian in-
verse approach is very well suited to this situation as it allows one to
express the extent to which a parameter is known by the size of its a priori
standard deviation. If the inversion yields a reduced standard deviation
while retaining by and large the means, the inversion can be considered
to be successful. Large deviations between the a priori and a posteriori
means may be an expression of an unaccounted process which forces the
inversion scheme to vary those properties which best parameterize this pro-
cess, for instance: increase thermal conductivity in order to accommodate
heat advection. Thus, the way in which the inversion converges provides
indications on how well the chosen approach is suited to the problem. In
terms of the problem studied here, it was possible to reduce the a pri-
ori uncertainty by supplying information on the thermal properties of the
Alpine crust, in spite of the serious lack of temperature data.
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(3) The influence of transient effects on the temperature distribution in the
subsurface of the Eastern Alps was estimated using 1-D transient forward
simulations and an analytical approach. The results show that in the study
area the paleoclimate affects mainly the uppermost 20 km. The maximum
signal is reached at a depth of 2 km and fades with depth. In contrast, the
effect of exhumation first increases with depth yielding a maximum signal
at a depth of approximately 50 km and then decreases again according to
a steady-state and thus ”worst case” scenario. This demonstrates that the
thermal signal of exhumation may reach maximum values of 80 K even for
comparatively small exhumation rates of 0.3 mm a−1. The depth of the
Eastern Alpine Moho coincides with the depth of the maximum exhuma-
tion signal. Thus the temperature gradient, which is caused by exhumation
at that depth, amounts to zero. Therefore heat flow at the Eastern Alpine
Moho is little influenced by the effect of exhumation and is equal to val-
ues obtained by the steady-state forward simulation and inversion analysis
presented in this study. Due to opposite algebraic signs of the transient
signals due to paleoclimate and exhumation, the net transient signal in the
Eastern Alpine crust in the upper 2 km is very small. As the paleoclimatic
signal fades with depth, the net transient signal for depths greater than
20 km equals the exhumation signal. In the region of the Tauern Window
both studied transient effects yield a temperature error of 14.5 % at a depth
of approximately 8 km that decreases to 9 % at the model base. The re-
sulting error in heat flow distribution is 19 % in a depth of 4 km, decreasing
faster with depth and approaching 0 % at a depth of approximately 47 km.
The results of the petrophysical studies showed the adaptability of dif-
ferent existing empirical relations for λ(T ) for different types of Eastern
Alpine rocks. The new coefficients obtained for crystalline and sedimen-
tary rocks and for a broader temperature range can further be used for
simulation calculations in other sedimentary and crystalline terrains. Ad-
ditionally the results are improving the information on conductive heat
transport at great crustal depth in general.
The results of the inversion calculations can be used for a calibration of
magnetic field measurements as they help to check the assumptions con-
cerning the Curietemperature. The temperature and heat flow density
determination across the Eastern Alpine Moho obtained in this study can
also be used as boundary condition for future transient simulations.
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Appendix A
Petrographical description of
sampled rocks
Magmatic Rocks
I-type-granitoids (”igneous derived”; derivation from
alkaline material of the lower crust respectively of the upper mantle)
location 23 : quartz-monzonite
location 26 : granodiorite; ”Cima d’Asta granite”
S-type-granitoids (”sedimentary derived”; genesis from
anatexis in the middle crust)
location 19 : monzogranite-granodiorite; ”Brixen granite”
location 24 : red potassium-feldspar-granite
Volcanic rocks
location 22 : biotite-dacite; ”quartz-porphyry”
Metamorphic rocks
Sub-greenschist-facies / lower greenschist facies
location 5 : muscovite-chlorite-schist; ”Wildscho¨nauer Schist”
location 6 : muscovite-chlorite-carbonate-quartz-phyllite
Upper greenschist-facies
location 8 : microcline-plagioclase-quartz-biotite-muscovite-ortho-gneiss
location 14 : biotite-muscovite-potassium-feldspar-schist
location 15 : biotite-muscovite-tourmaline-calcite-schist
location 20 : garnet-biotite-sericite-phyllite
Upper greenschist-facies / lower amphibolite-facies
location 9 : garnet-bearing ortho-amphibolite
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location 10 : garnet-biotite-(ortho?)-amphibolite
location 11 : muscovite-biotite-garnet-epidote-ortho-gneiss
location 12 : garnet-biotite-muscovite-graphite-chlorite-schist
location 13 : muscovite-biotite-garnet-plagioclase-potassium-
feldspar-ortho-gneiss
location 16 : garnet-amphibole-biotite-para-gneiss
Amphibolite-facies
location 17 : garnet-ortho-amphibolite
location 18 : garnet-biotite-potassium-feldspar-plagioclase-(para?)-gneiss
Sedimentary rocks
Carbonate rocks
location 1 : sandy clayey limestone; ”Rupelton”
location 3 : fine grained dolomite; ”main-dolomite”
location 4 : dolomitic limestone; ”Wetterstein limestone”
location 7 : impure limestone; ”Hochstegen-marble”
location 21 : very pure dolomite; ”Schlern-dolomite”
location 25 : biogene dolomite; ”main-dolomite”
Sandstones
location 2 : limy sandstone
Appendix B
Results of X-ray fluorescence
Table B.1: Results of X-ray fluorescence (a).
Sample SiO2 TiO2 Al2O3 Fe2O3 MnO MgO CaO Na2O
No. % % % % % % % %
L2/6 53.530 0.326 5.970 1.580 0.059 2.950 16.430 1.040
L3/4 0.950 0.018 0.440 0.110 0.005 21.780 30.930 0.110
L4/6 1.120 0.010 0.300 0.060 0.004 11.400 42.430 0.100
L5/1 67.090 0.759 14.460 5.520 0.062 2.410 1.150 3.530
L6/3 55.360 1.058 21.480 8.740 0.076 2.540 0.500 1.590
L7/1 5.260 0.068 1.630 0.500 0.025 2.020 49.060 0.090
L8/3 64.350 0.642 15.570 3.560 0.091 1.920 2.740 3.640
L9/3 53.500 1.303 17.830 9.790 0.153 4.340 7.840 2.660
L10/1 58.650 0.624 17.510 9.100 0.066 3.520 1.820 4.630
L11/4 72.750 0.259 13.890 2.800 0.070 0.560 1.910 3.440
L12/2 61.240 0.978 18.630 7.760 0.116 2.360 1.020 0.850
L13/4 72.150 0.309 14.570 2.900 0.057 0.640 2.720 3.900
L14/1 70.850 0.461 14.460 3.480 0.052 1.420 0.910 2.990
L15/3 46.750 0.311 5.830 2.400 0.061 2.390 20.560 0.610
L16/4 65.460 0.638 15.050 6.680 0.092 2.740 3.320 3.450
L17/3 52.670 1.062 16.880 11.940 0.164 3.790 8.080 3.990
L18/1 66.450 0.810 14.890 5.870 0.086 2.490 2.530 3.410
L19/4 70.540 0.279 14.940 2.610 0.061 0.630 2.130 2.980
L20/6 67.230 0.777 17.320 4.650 0.063 1.420 0.760 1.890
L21/1 0.650 0.014 0.370 0.150 0.007 21.160 31.050 0.030
L22/1 66.680 0.551 16.130 4.430 0.050 1.600 0.630 3.260
L23/1 52.900 0.836 16.280 10.380 0.178 4.140 7.640 2.930
L24/4 72.760 0.114 14.380 1.580 0.024 0.030 1.080 3.590
L25/4 0.600 0.013 0.340 0.090 0.005 20.790 31.890 0.030
L26/2 60.090 0.813 16.910 6.340 0.106 3.020 5.630 2.420
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Table B.2: Results of X-ray fluorescence (b).
Sample K2O P2O5 (SO3) (Cl) (F) LOI Sum RF
No. % % % % % % %
L2/6 1.170 0.084 0.120 <0.001 0.074 16.490 99.820
L3/4 0.050 0.012 0.020 0.013 <0.02 45.480 99.920
L4/6 0.030 0.010 <0.01 0.011 0.029 44.390 99.890
L5/1 1.920 0.219 0.010 0.009 0.081 2.490 99.710
L6/3 3.450 0.171 <0.01 0.004 0.066 4.650 99.680
L7/1 0.390 0.083 0.320 <0.001 0.037 40.400 99.880
L8/3 4.860 0.363 0.030 <0.001 0.147 1.720 99.630
L9/3 1.220 0.248 <0.01 0.009 0.067 0.760 99.720
L10/1 1.040 0.083 <0.01 0.004 0.092 2.640 99.780
L11/4 3.390 0.078 <0.01 0.003 <0.02 0.570 99.720
L12/2 4.000 0.171 <0.01 0.001 0.082 2.420 99.630
L13/4 1.780 0.090 <0.01 0.003 <0.02 0.600 99.720
L14/1 3.410 0.161 <0.01 0.003 0.043 1.440 99.680
L15/3 1.120 0.077 0.170 0.004 0.031 19.470 99.780
L16/4 0.770 0.146 <0.01 0.013 0.057 1.340 99.760
L17/3 0.490 0.078 <0.01 0.007 <0.02 0.620 99.770
L18/1 1.840 0.228 0.020 0.005 0.102 0.980 99.710
L19/4 4.090 0.140 <0.01 0.014 0.029 1.290 99.730
L20/6 3.030 0.118 <0.01 0.001 <0.02 2.450 99.710
L21/1 0.040 0.013 <0.01 0.005 <0.02 46.430 99.920
L22/1 3.280 0.142 <0.01 0.015 <0.02 2.940 99.710
L23/1 2.990 0.368 <0.01 0.037 0.077 0.930 99.690
L24/4 4.670 0.030 <0.01 0.006 0.065 1.390 99.720
L25/4 0.030 0.011 0.040 0.005 0.112 45.970 99.930
L26/2 2.420 0.166 <0.01 0.026 <0.02 1.840 99.700
Table B.3: Results of X-ray fluorescence (c).
Sample (As) Ba Bi Ce Co Cr Cs Cu Ga
No. ppm ppm ppm ppm ppm ppm ppm ppm ppm
L2/6 4.0 254.0 <3 <20 <3 41.0 <5 <10 4.0
L3/4 <2 20.0 <3 <20 <3 5.0 <5 <10 <3
L4/6 <2 18.0 <3 22.0 <3 8.0 6.0 10.0 <3
L5/1 3.0 452.0 4.0 68.0 <3 77.0 <5 18.0 16.0
L6/3 10.0 518.0 <3 80.0 25.0 110.0 9.0 21.0 30.0
L7/1 2.0 30.0 7.0 <20 6.0 18.0 <5 <10 <3
L8/3 10.0 1341.0 6.0 87.0 17.0 46.0 6.0 10.0 18.0
L9/3 4.0 374.0 <3 27.0 18.0 47.0 <5 <10 22.0
L10/1 4.0 229.0 <3 <20 28.0 19.0 9.0 <10 20.0
L11/4 <2 597.0 <3 49.0 6.0 13.0 <5 18.0 19.0
L12/2 4.0 772.0 <3 70.0 19.0 112.0 <5 37.0 26.0
L13/4 <2 777.0 <3 101.0 <3 13.0 5.0 <10 16.0
L14/1 6.0 530.0 <3 61.0 9.0 38.0 <5 <10 16.0
L15/3 <2 166.0 <3 37.0 10.0 151.0 <5 <10 9.0
L16/4 2.0 202.0 4.0 69.0 11.0 68.0 <5 <10 15.0
L17/3 3.0 133.0 7.0 <20 29.0 14.0 <5 78.0 18.0
L18/1 2.0 418.0 4.0 84.0 14.0 85.0 7.0 22.0 18.0
L19/4 4.0 380.0 <3 60.0 8.0 12.0 <5 <10 14.0
L20/6 3.0 608.0 <3 71.0 7.0 68.0 <5 12.0 19.0
L21/1 <2 15.0 <3 <20 <3 5.0 <5 <10 <3
L22/1 37.0 442.0 5.0 86.0 7.0 18.0 6.0 <10 20.0
L23/1 6.0 444.0 <3 66.0 40.0 31.0 6.0 86.0 18.0
L24/4 42.0 63.0 <3 125.0 <3 10.0 6.0 <10 21.0
L25/4 <2 22.0 <3 <20 <3 11.0 <5 12.0 <3
L26/2 5.0 461.0 5.0 59.0 18.0 56.0 8.0 16.0 21.0
Table B.4: Results of X-ray fluorescence (d).
Sample Hf La Mo Nb Ni Pb Rb Sb Sc Sn
No. ppm ppm ppm ppm ppm ppm ppm ppm ppm ppm
L2/6 <5 37.0 <2 <2 7.0 <4 38.0 8.0 5.0 <2
L3/4 <5 <20 19.0 6.0 <3 <4 4.0 7.0 <2 <2
L4/6 <5 <20 16.0 3.0 <3 <4 <2 9.0 2.0 <2
L5/1 <5 77.0 <2 14.0 32.0 16.0 73.0 5.0 14.0 2.0
L6/3 <5 88.0 20.0 18.0 49.0 <4 148.0 <5 21.0 3.0
L7/1 7.0 23.0 <2 4.0 15.0 <4 11.0 12.0 <2 <2
L8/3 <5 36.0 <2 20.0 24.0 31.0 204.0 <5 10.0 11.0
L9/3 6.0 37.0 21.0 11.0 7.0 <4 35.0 <5 28.0 4.0
L10/1 <5 <20 16.0 <2 10.0 12.0 65.0 7.0 37.0 <2
L11/4 6.0 47.0 2.0 14.0 4.0 29.0 128.0 <5 7.0 6.0
L12/2 7.0 45.0 11.0 5.0 43.0 11.0 137.0 <5 20.0 <2
L13/4 <5 70.0 2.0 4.0 <3 8.0 49.0 <5 3.0 3.0
L14/1 <5 39.0 <2 11.0 15.0 13.0 122.0 <5 10.0 6.0
L15/3 <5 20.0 20.0 7.0 29.0 8.0 27.0 7.0 7.0 <2
L16/4 5.0 60.0 4.0 9.0 27.0 7.0 22.0 <5 15.0 2.0
L17/3 <5 <20 16.0 2.0 11.0 <4 26.0 <5 43.0 <2
L18/1 <5 63.0 <2 <2 26.0 19.0 87.0 <5 14.0 3.0
L19/4 <5 55.0 <2 10.0 4.0 47.0 133.0 7.0 10.0 5.0
L20/6 <5 61.0 2.0 13.0 23.0 14.0 94.0 <5 15.0 2.0
L21/1 <5 <20 14.0 2.0 <3 <4 <2 <5 <2 <2
L22/1 <5 59.0 7.0 <2 <3 11.0 80.0 <5 14.0 5.0
L23/1 6.0 66.0 20.0 11.0 9.0 9.0 100.0 7.0 25.0 <2
L24/4 6.0 86.0 <2 34.0 3.0 11.0 303.0 <5 5.0 3.0
L25/4 <5 <20 15.0 2.0 <3 12.0 5.0 17.0 <2 3.0
L26/2 <5 50.0 16.0 9.0 11.0 18.0 92.0 <5 22.0 <2
Table B.5: Results of X-ray fluorescence (e).
Sample Sr Ta Th U V W Y Zn Zr
No. ppm ppm ppm ppm ppm ppm ppm ppm ppm
L2/6 218.0 <5 <5 <3 27.0 <5 17.0 25.0 119.0
L3/4 88.0 <5 <5 10.0 20.0 6.0 <3 7.0 <3
L4/6 102.0 <5 <5 <3 9.0 <5 <3 10.0 <3
L5/1 89.0 <5 13.0 <3 102.0 6.0 29.0 95.0 203.0
L6/3 81.0 <5 18.0 <3 134.0 13.0 32.0 122.0 162.0
L7/1 297.0 <5 <5 3.0 13.0 <5 14.0 36.0 14.0
L8/3 421.0 13.0 25.0 14.0 61.0 <5 28.0 57.0 214.0
L9/3 323.0 <5 <5 <3 211.0 <5 26.0 95.0 111.0
L10/1 284.0 <5 <5 <3 199.0 <5 20.0 89.0 60.0
L11/4 180.0 <5 16.0 4.0 25.0 <5 16.0 54.0 99.0
L12/2 136.0 <5 12.0 7.0 167.0 <5 27.0 110.0 188.0
L13/4 231.0 <5 13.0 <3 27.0 <5 5.0 43.0 149.0
L14/1 113.0 <5 16.0 5.0 54.0 11.0 29.0 141.0 146.0
L15/3 297.0 <5 5.0 <3 48.0 <5 16.0 35.0 119.0
L16/4 276.0 <5 10.0 <3 77.0 8.0 35.0 62.0 190.0
L17/3 289.0 <5 <5 <3 308.0 <5 20.0 83.0 45.0
L18/1 199.0 <5 13.0 5.0 104.0 <5 27.0 97.0 214.0
L19/4 129.0 <5 17.0 <3 28.0 <5 34.0 47.0 115.0
L20/6 85.0 <5 14.0 <3 81.0 <5 22.0 69.0 237.0
L21/1 47.0 <5 <5 4.0 40.0 <5 <3 7.0 <3
L22/1 45.0 <5 18.0 <3 50.0 11.0 25.0 46.0 154.0
L23/1 681.0 <5 6.0 4.0 228.0 <5 25.0 106.0 142.0
L24/4 32.0 <5 50.0 11.0 <5 10.0 54.0 22.0 193.0
L25/4 87.0 <5 <5 9.0 13.0 <5 <3 14.0 <3
L26/2 233.0 <5 7.0 4.0 116.0 7.0 27.0 81.0 177.0
Appendix C
Earthquake focus depth in Tyrol
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Figure C.1: Earthquake focus depth in Tyrol (recorded since the year 1991).
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